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Despite decades of work, the origin of pallasite meteorites has remained enigmatic.
Long thought to be samples of the core-mantle boundary of differentiated asteroids,
more recent studies have suggested a range of mechanisms for pallasite formation.
These include olivine-metal mixing during a planetesimal collision and the intrusion
of over-pressured core liquids into a planetesimal mantle. Establishing if the olivine
and metal that comprise pallasites were once equilibrated at high temperature
remains key to discriminating between these hypotheses. To this end, we determined
the iron isotope compositions of olivine and metal in eleven main-group pallasites
and found, in all cases, that olivine is isotopically lighter thanmetal. To interpret these

data, we constrained the olivine-metal equilibrium Fe isotope fractionation with ab initio calculations and high temperature
experiments. These independent approaches show that olivine preferentially incorporates the heavy isotopes of iron relative
to metal. Our results demonstrate that pallasitic olivine and metal never achieved isotopic equilibrium with respect to iron.
This precludes extended cooling at high temperature and is best reconciled with an impact origin for the main-group pallasites.
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Introduction

Pallasites are predominately composed of Fe-Ni metal and oli-
vine. Traditionally, they are interpreted to be remnants of core-
mantle boundary material from differentiated asteroids, an idea
which continues to merit discussion (e.g., McKibbin et al., 2019).
Alternatively, pallasites may form in the shallow mantle of
an asteroid either by ferrovolcanism (Johnson et al., 2020),
impact-induced local heating and igneous differentiation
(Mittlefehldt, 1980), or injection of exogeneous metal into the
mantle of the pallasite parent body (Tarduno et al., 2012). One
way to distinguish these varied formationmechanisms is by con-
straining the thermal history of pallasites. A core-mantle boun-
dary origin suggests a protracted period of cooling at high
temperature, during which elemental and isotopic equilibrium
between phases would be achieved. In contrast, a shallow man-
tle or impact mixing origin may be accompanied by more rapid
cooling from high temperature, thus limiting re-equilibration.
The low temperature thermal history of pallasite meteorites is
well constrained bymetallographically determined cooling rates,
however, there remains little information on their high temper-
ature thermal history. Here, we constrain this high temperature
history by combining 1) Fe isotopemeasurements ofmain-group
pallasites (MGP), 2) the equilibrium olivine-metal Fe isotope
fractionation determined from high temperature experiments
and ab initio calculations, and 3) models of planetesimal cooling
and olivine-metal equilibration.

Several studies have attempted to determine equilibration
temperatures for pallasites from the apparent partitioning of
elements between olivine and metal (e.g., Seifert et al., 1988).
However, these studies assume equilibrium rather than test
for it. Iron stable isotope datameasured in olivine andmetal have
also been evaluated previously for geothermometry, but the
results are highly variable (Poitrasson et al., 2005; Weyer et al.,
2005; Chernonozhkin et al., 2016). These large variations result
fromunrepresentative sampling of themetal, which is composed
of taenite (face-centred cubic or fcc Fe-Ni) and kamacite (body-
centred cubic or bcc Fe-Ni) that form Widmanstätten patterns.
At high temperature, Fe-Ni alloy is present with an fcc crystal
structure (Yang et al., 2010). As temperature decreases, this
phase unmixes into coexisting Fe-rich and Fe-poor metallic
phases; kamacite and taenite, respectively. Kamacite growth is
diffusion-limited by the supply of iron from taenite (Dauphas,
2007). As the light isotopes of iron diffuse faster, kamacite is
slightly enriched in light isotopes while heavy isotopes concen-
trate in taenite. Iron diffusion in taenite is 3 orders of magnitude
slower than in kamacite. Taenite therefore retains significant
gradients in isotope composition. As a result, preferential sam-
pling of taenite will displace the Fe isotope composition to heavy
values. In contrast, kamacite contains the bulk (>85 %) of the
metallic Fe in pallasites and diffusion within kamacite is suffi-
ciently rapid to homogenise Fe isotopes (Dauphas, 2007).
The result is that kamacite closely approximates the bulk metal
isotopic composition. Accordingly, we sampled kamacite to
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obtain a representative measurement of the bulk metal Fe
isotope compositions of pallasite meteorites.

Sound interpretation of this Fe isotope data relies on access
to a robust olivine-metal fractionation factor. However, the direc-
tion of fractionation is debated (Polyakov and Mineev, 2000;
Dauphas et al., 2014), complicating the interpretation of data col-
lected on natural samples. To resolve this issue, we employed
multiple techniques to determine Fe isotope fractionation
between olivine and metal. As different metal phases are present
in the pallasites, it is imperative to determine which phase could
have equilibrated with olivine. Although the metal phase pres-
ently in contact with olivine is kamacite (bcc-Fe), olivine-metal
isotopic equilibrium could not have been achieved in the stability
field of kamacite. For the mean Ni contents of MGP metal
(10.6 wt. % Ni; Wasson and Choi, 2003), kamacite formation
begins at ∼650 °C. For an average pallasite cooling rate of
7 °C/Myr (Yang et al., 2010) and a median olivine diameter of
4 mm (Wasson and Choi, 2003), the closure temperature for iron
in olivine is also ∼650 °C (see Supplementary Information).
Accordingly, if therewere any chance of equilibration between oli-
vine andmetal itwould have occurredwhen olivinewas in contact
with a single fcc-metal phase or metallic liquid (i.e. at higher tem-
peratures). Therefore, our ab initio calculations and equilibration
experiments focused on fcc-Fe and liquid metal phases.

Results and Discussion

ElevenMGPwere analysed bymicro-drilling kamacite and adja-
cent olivine crystals (Fig. S-1). To illustrate the range of data that
can be obtained by untargeted sampling, metal and olivine were
also handpicked and processed. All samples were analysed for
their Fe isotope compositions by multi-collector inductively
coupled plasma mass spectrometry (MC-ICPMS). Iron isotope
compositions are reported in δ notation:

δ56Fesmpð‰Þ = 1000 ×
�56Fe=54Fesmp

56Fe=54Festd
− 1

�
Eq. 1

where smp denotes the sample (i.e. bulk metal, olivine) and std
denotes the Fe isotopic standard IRMM-524a. Isotopic fraction-
ations are expressed in Δ notation:

Δ56Feolivine−metal = δ56Feolivine − δ56Femetal Eq. 2

In all eleven MGP, the olivine fractions are consistently
lighter than the metal fractions (Fig. 1). The range of measured
isotope fractionation is reduced by a factor of ∼3 compared to
literature data (Fig. S-2). Data for our handpicked samples repro-
duced the range ofΔ56Feolivine−metal obtained in previous studies,
showing that the variability in Δ56Feolivine−metal reported in pre-
vious studies reflects biased sampling of the metal fractions.
Based on the rationale that all MGP come from the same parent
body (Greenwood et al., 2015), we report the weighted average
Δ56Feolivine−metal of −0.049 ‰ ± 0.016 ‰.

Using density functional theory (DFT), we calculated
force constants for the iron sublattices in olivine (159 ± 10 N/m)
and fcc-metal (134 ± 6 N/m). Due to difficulty in modelling the
magnetic structure of taenite, the fcc-metal modelled here is
awaruite (FeNi3). To evaluate the effect of Ni on the force con-
stant for Fe in fcc-metal, tetrataenite (FeNi), which has an fcc-
like structure (Clarke and Scott, 1980), was also modelled. The
force constant for tetrataenite is 142 ± 6 N/m, which is slightly
higher but identical within error to awaruite, suggesting
that Ni has no significant effect on the force constant of
iron in fcc-metal. As olivine has a larger force constant,
Δ56Feolivine−metal is always positive.

To provide another independent constraint on
Δ56Feolivine−metal, we performed piston cylinder experiments that
directly equilibrate olivine and Fe ±Ni metal at high tempera-
ture. Olivine-metal assemblages were enclosed in graphite cap-
sules, pressurised to 1 GPa, then heated to 1400 °C for 3.5–95 hr
before quenching. These conditions are similar to those esti-
mated for the core-mantle boundary of the pallasite parent body
(1330 °C; Wasson and Choi, 2003, and ∼0.1 GPa). Although our
experimental pressure is higher than estimated for pallasites,
Clayton et al. (1975) showed that between 0.1 and 2.0 GPa, pres-
sure has no effect on equilibrium isotope fractionation factors.
The bonding environment formoltenmetal in these experiments
is similar to that of fcc-metal (see Supplementary Information).
As with our DFT calculations, we did not observe an effect
of Ni on the olivine-metal Fe isotope fractionation. The
weighted average of three equilibrated experiments yields
Δ56Feolivine−metal =þ0.054 ± 0.027‰ at 1400 °C. This value is
in excellent agreement with our DFT calculations, as well as
the prediction made using nuclear resonant inelastic X-ray scat-
tering data (NRIXS; Dauphas et al., 2014; Krawczynski
et al., 2014).

To our knowledge, this is the first time that a single Fe iso-
tope fractionation factor has been corroborated using all three of
these independent approaches. We are thus confident that at
conditions relevant to asteroidal core formation, heavy Fe iso-
topes preferentially partition into olivine relative to metal at
equilibrium. The data obtained for MGP, however, show the
opposite sense of fractionation (Fig. 2), suggesting that coexist-
ing olivine and metal in pallasites never achieved Fe isotope
equilibrium. Kinetic and equilibrium processes occurring at
low temperature may potentially overprint high temperature
equilibrium isotopic signatures. These processes, however, can-
not reverse the direction of olivine-metal Fe isotope fractionation
(see Supplementary Information).

Having established that olivine and metal are not in Fe
isotope equilibrium, it is possible to determine parent body con-
ditions where olivine-metal annealing could have taken place
without leading to isotopic equilibrium. We coupled a 1 D
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Figure 1 Measured Fe isotope fractionations betweenolivine and
bulkmetal inMGP. The blue band shows theweighted average for
the 11MGPmeasured in this study, plotted in order of cooling rate
(Esquel slowest, Giroux fastest and Thiel Mtns. unknown; Yang
et al., 2010).
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planetesimal cooling model with simultaneous diffusive Fe
exchange between olivine and metal to place constraints on
the depth and timing of olivine-metal mixing in theMGP parent
body (see Supplementary Information). Figure 3a displays the
results of one of these models, which was performed at condi-
tions that also satisfy previous palaeomagnetic constraints on
MGP. The black dashed curve marks the depth and timing of
olivine-metal mixing above which Fe isotopic disequilibrium
would be maintained. The key takeaway from this model is that
even for late-stage olivine-metal mixing, core-mantle boundary

temperatures remain too high to prevent isotopic equilibrium.
This result persists for a wide range of core diameters andmantle
thicknesses (Fig. 3b). Ourmodelling therefore demonstrates that
a core-mantle boundary, or other deep mantle, origin for
pallasites is not compatible with the observed Fe isotope
disequilibrium.

We next turn our attention to pallasite formation models
that allow for a shallow to mid-mantle origin for MGP: 1) ferro-
volcanism (Fig. 4a; Johnson et al., 2020), and 2) impact-induced
mixing of olivine and metal on the MGP parent body, involving
either an endogenous (e.g., Mittlefehldt, 1980) or exogenous
(e.g., Kruijer et al., 2022; Windmill et al., 2022) source of metal
(Fig. 4b,c).

Johnson et al. (2020) proposed that pallasites form when
evolved, over-pressured, core liquids intrude the overlying man-
tle and entrain olivine in the process. The required over-pressure
is facilitated by light element enriched (i.e. more buoyant) core
liquid compositions. Light element (namely S) enrichment of
planetesimal core liquids is achieved via fractional crystallisation.
Ni et al. (2020) demonstrated that fractional crystallisation of Fe-
S alloys is accompanied by enrichment of the S-rich liquid in
light Fe isotopes. The heavy Fe isotope compositions of the bulk
metals measured in this study (Fig. S-2) are not indicative of an
evolved S-rich liquid, and thus do not lend support for the fer-
rovolcanism model.

An alternative is impact-induced mixing of endogenous
olivine and metal reservoirs without complete parent body dis-
ruption. An impact into a cold body can raise the local temper-
ature sufficiently to facilitate melting if the bodies have high
porosities (Davison et al., 2012). Partial melting of a chondritic
composition requires high temperatures (> 1100 °C; Jurewicz
et al., 1993), that must be sustained long enough to permit igne-
ous differentiation into discrete metal and silicate (olivine) res-
ervoirs that are not isotopically equilibrated with each other.
These reservoirs must then be mixed and cooled quickly enough
to prevent isotopic re-equilibration. The plausibility of this

Main Group Pallasites

Figure 2 Grey and yellow bands show predicted olivine-metal
Fe isotope fractionations at equilibrium, based on NRIXS and
our DFT calculations, respectively. The piston cylinder datum is
theweighted average of three isotopically equilibrated laboratory
experiments. All methods show the same direction of equilibrium
olivine-metal fractionation. MGP display the opposite sense of
fractionation, suggesting that MGP olivine and metal are not in
Fe isotopic equilibrium.

(a) (b)

Core
Crystallisation

Figure 3 (a) Cooling and olivine-metal mass exchange model for a 200 km radius body with the core mantle boundary located at 100 km
depth. The black dashed curve shows the time and depth of olivine-metal mixing above which Fe isotope equilibrium is inhibited. MGP
formed above this curve. Also shown are the emplacement depths and periods of cloudy zone formation for the Imilac and Esquel mete-
orites, determined following Bryson et al. (2015). (b) Equilibrium curves for the same planetary radius but with different core radii (rC). The
shaded regions indicate where olivine-metal equilibrium will occur for each model. Regardless of core size, olivine and metal always equili-
brate when mixed near the core-mantle boundary. Note that in all cases models are terminated once the core is fully crystallised.
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scenario is difficult to assess, particularly given our limited
knowledge of the mineral-melt Fe isotope fractionation factors
that control igneous differentiation.Measurements ofO isotopes
in pallasites, however, suggest that olivine and metal were
sourced from different planetesimal bodies, precluding such
an endogenous origin (Windmill et al., 2022).

Kruijer et al. (2022) provided W and Mo isotopic evidence
that the metal fromMGP is genetically related to the IIIAB irons,
verifying an idea that originated from the trace element compo-
sitions of these meteorite groups (Scott, 1977). Furthermore,
Yang et al. (2010) showed that IIIAB irons cooled significantly
faster than MGP. These observations can be explained if the
IIIAB core collided with the MGP parent body in a hit-and-
run collision, leading to the rapid cooling of run-away metal that
was exposed to space (Fig. 4c). This scenario also accommodates
olivine-metal mixing in the shallow to mid-mantle of the MGP
parent body, where Fe isotope equilibration between these
phases is inhibited. Emplacement at these depths also permits
MGP metal to cool below its blocking temperature before com-
plete solidification of the parent body core and concomitant
extinction of the dynamo (Tarduno et al., 2012; Bryson et al.,
2015; Nichols et al., 2021).

The subsequent slow cooling phase, as required by MGP
metallographic cooling rates (3–18 °C/Myr; Yang et al., 2010),
must begin at a temperature below ∼650 °C – low enough to
inhibit iron diffusion in olivine, but high enough for
Widmanstätten patterns to develop.While this two stage cooling
history for MGP has previously been suggested on the basis of
deformation experiments (Walte et al., 2020), our study provides
the corroborating geochemical evidence needed to cement this
hypothesis and an impact origin for MGP.

Conclusion

There now exists multiple lines of evidence that MGP did not
form near a core-mantle boundary: 1) The genetic link between
IIIAB irons and MGP metals, and their difference in cooling
rates, can only be explained by the impact of the IIIAB core into
the MGP parent body, 2) palaeomagnetic data requires MGP
metal crystallisation during an extant core dynamo, and 3) the
Fe isotope data presented here demonstrate that olivine and
metal are not in isotopic equilibrium, requiring rapid cooling
to the olivine closure temperature. Our iron isotope measure-
ments on pallasites, coupled with new constraints on the oli-
vine-metal fractionation factor, demonstrate that pallasites

originated from shallow to mid-mantle depths in the parent
body. Our findings support a growing consensus that main-
group pallasites formed via an impact that provided an exogene-
ous source of metal.
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1. MC-ICPMS Analyses of Pallasite Samples 
Iron isotope compositions are known to be heterogeneous in iron and stony-iron meteorites where Widmanstätten 
patterns are present. Dauphas (2007) simulated the growth of kamacite and showed that the central regions of kamacite 
should have the same isotope composition as the bulk metal. Accordingly, X-ray maps were generated to target the 
central regions of kamacite for analyses (Fig. S-1). These X-ray maps were generated using a JEOL JSM-6500F SEM 
equipped with an Oxford X-Max 80 mm2 Si drift detector at the Carnegie Institution for Science in Washington DC. X-
ray maps for Esquel, Fukang, Seymchan, and Krasnojarsk were not produced but kamacite regions were identified in 
reflected light.  
 
A NewWave micro-mill apparatus was used to drill into kamacite, olivine, and troilite phases, using a 300 µm diameter 
tungsten carbide drill bit purchased from Brasseler USA (catalogue# H52.11.003). Prior to drilling, drops of MQ water 
were placed on top of the target spot so that the drilled powders could be collected using a pipette. The slurry was then 
transferred to clean Savillex beakers. For the purpose of comparison, some samples were also hand-picked, by lightly 
crushing then selecting fragments with tweezers, for their olivine and metal fractions and analysed for their iron isotope 
compositions. This was done to determine the range of olivine-metal fractionations that can be obtained from untargeted 
sampling of the metal, and to confirm that micro-drilled olivine has the same iron isotope compositions as the bulk 
olivine hand-picked from the same meteorite. Digestion and column chemistry procedures follow those described in the 
literature (Craddock and Dauphas, 2011). 
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Figure S-1  Positions of micro-drilled spots (white circles, 300 μm diameter), superposed on X-ray maps of pallasites 
investigated in this study. Scale bars are all 1 mm. Dark grains = olivine. Yellow = troilite. Bright pink = schreibersite. Bluish 
purple: kamacite. Pinkish purple = taenite. Note imperfect stitching for Springwater and Thiel Mtns. Location of drilled olivine spot 
for Imilac is outside the view of the X-ray map.   



 
 
 

Geochem. Persp. Let. (2022) 23, 6–10 | https://doi.org/10.7185/geochemlet.2229   SI-3 

The Nu-Plasma II MC-ICPMS was used for iron isotope analyses at the Carnegie Institution for Science. Faraday cups 
H9, H6, Ax, and L3 were used to collect ion beams of 57Fe, 56Fe, 54Fe + 54Cr, and 53Cr, respectively. Analyses were done 
in pseudo-high-resolution mode using a spray chamber and 1011 Ω amplifiers. Samples were bracketed by IRMM-524a, 
which has an identical isotopic composition to IRMM-014 (Craddock and Dauphas, 2011). Sample-standard 
concentration mismatch was always less than 5 %. The contribution of 54Cr to the mass 54 signal was calculated 
assuming natural abundance of Cr isotopes (54Cr = 0.249 ´5 3Cr). The amount of Cr measured was insignificant, such 
that isotope compositions differ by less than 0.01 ‰ in δ56Fe for data reduction done with or without the Cr correction 
(reported data have all been corrected for Cr). A single analysis represents the average of 5–9 replicates, each consisting 
of 20 cycles with a 4s integration time. Uncertainty is reported as the 2SE of the bracketing standard or the sample, 
whichever is the larger of the two. In cases where samples were analysed more than once, the weighted averages and 
weighted errors are given. Errors for Δ56Feolivine-metal are calculated as the quadratic sum of the 2SE errors for the olivine 
and metal analyses (Table S-4). 
 
Comparison with previous measurements reveals, as expected, that variations in the measured olivine-metal 
fractionations arise from differences in the measurements of the bulk metal isotopic compositions (Fig. S-2; Table S-3). 
Some of the previous studies suffered from over-sampling of taenite, which can artificially shift Δ56Feolivine-metal to as low 
as −0.4 ‰ (Chernonozhkin et al., 2016). One study reported positive D56Feolivine-metal and in this case, the metal contains 
troilite (Weyer et al., 2005), which shifted the apparent Δ56Feolivine-metal to positive values. Targeted sampling thus 
eliminates the possibility of sampling highly fractionated taenite, as well as non-metal phases such as troilite. 
 
2. Piston Cylinder Experiments 
2.1 Experimental set-up 
Starting materials were always metal plus Springwater olivine (Fa18), prepared by crushing large olivine crystals 
handpicked under a binocular microscope. Olivine crystals were ground under isopropanol then sieved through a 37 µm 
mesh. Sieving was done to prevent the inclusion of large olivine grains in experimental starting materials that might 
prevent olivine-metal equilibrium from being achieved. The metal was prepared by first mixing 57.2 mg of high purity 
iron metal purchased from Alfa Aesar with 0.63 mg of 54Fe-enriched metal purchased from Cambridge Isotopes. The 
mixture was heated in a graphite capsule at 1 GPa and 2000 °C for 15 mins, using a piston-cylinder press, to produce 
an isotopically spiked ingot. About 10 mg of this ingot was mixed with 990 mg of the Alfa Aesar iron powder and 
ground in an agate mortar to produce the final metal starting material. This spiked metal mixture was mixed with sieved 
Springwater olivine in a 15:85 olivine-metal ratio, then ground a final time under isopropanol using an agate mortar. 
The proportion of olivine was chosen to ensure extensive contact between olivine surfaces and the metal to promote 
olivine-metal equilibrium on reasonable timescales. Each experiment contained ~30 mg of the olivine-metal mixture. 
To test the effect of Ni on isotope fractionation, one experiment (72-hr) was doped with 12 wt. % Ni.  
 
Experiments were performed using a Boyd-England type piston cylinder press with a 12.7 mm bore pressure vessel at 
UC Davis. Olivine-metal mixtures were encapsulated in graphite, then positioned in the hot spot of a graphite resistance 
heater using magnesia filler-pieces. The capsule was isolated from the graphite heater using a magnesia sleeve. The 
heater assembly is then surrounded by a BaCO3 pressure medium and wrapped in Pb foil. Temperature in the 
experiments was monitored using a type-C thermocouple inserted axially so that the junction was located <0.5 mm 
above the sample capsule, which was separated from the thermocouple with a magnesia disk. Temperature was 
controlled manually by adjusting the power output to the heater. Automatic temperature control was not employed due 
to the long duration of some experiments and risk of thermocouple failure due to oxidation or contamination. All 
experiments were performed at 1 GPa and 1400 °C, with a 10 % friction correction applied to account for differences 
between oil pressure and sample pressure. Run durations were 3.5, 23, 48, 72, and 95 hours. Experiments were quenched 
by cutting power to the heater.  
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Figure S-2  “Bulk” metal (open symbols) and olivine (filled symbols) iron isotope compositions obtained by handpicking and 
micro-drilling sampling methods. Squares: Chernonozhkin et al. (2016). Diamonds: Poitrasson et al. (2005; error bars on δ56Fe not 
reported). Triangles: Weyer et al. (2005); multiple fragments were analysed for Brenham and Mt. Vernon, some without pairing 
metal analyses. Circles: this study.  
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2.2 Chemical and textural characterisation of run-products 
The 3.5, 23, 72, and 95 hr experiments were mounted in epoxy, cut longitudinally, then remounted and polished with 
SiC papers and 1 µm alumina powder prior to electron microprobe analysis at the Carnegie Institution for Science. 
Magnesiowüstite was formed in all experiments (Fig. S-3). The amount formed was calculated by noting the starting 
olivine composition of Fa18 and the equilibrated value of Fa23. All Mg lost from olivine was assumed to have formed 
magnesiowüstite with a composition of (Mg0.28Fe0.72)O. Using mass balance, we calculate that the mass ratio for 
magnesiowüstite:olivine is 0.12–0.18:1. Because (Mg0.28Fe0.72)O has 82 wt. % FeO and olivine has 22 wt. % FeO, 
ferrous iron is thus distributed between olivine and magnesiowüstite in an approximately 2:1 ratio. Thus, the 
experimentally determined fractionations correspond to that of olivine + magnesiowüstite mixture and metal. While this 
is not ideal, previous work has shown that ferrous oxides and olivine do not show resolvable iron isotope fractionation, 
especially when iron is 2+ and in octahedral coordination with oxygen. For example, the experimentally determined 
equilibrium D56Feilmenite-olivine is −0.01 ± 0.04 ‰ at 800 °C (Sossi and O’Neill, 2017), and the NRIXS-predicted 
D56Femagnesiowüstite-olivine is −0.017 ± 0.020 ‰ at 1400 °C (Dauphas et al., 2012). As a result, the presence of 
magnesiowüstite should not affect the magnitude or the direction of equilibrium olivine-metal fractionation.  
 

                    
 
Figure S-3 (a) SEM image of the PaUCD8 run-product (23 hr), showing metal, olivine, and magnesiowüstite. (b) Equilibrium 
compositions of olivine and magnesiowüstite found in previous studies alongside data for our experiments. Excellent agreement is 
found between this study and previous work, indicating that chemical equilibrium is achieved rapidly in our experiments.   
 
2.3 Phase separation and sample dissolution 
For sample dissolution, each experiment was extracted from its epoxy mount and put in a clean 6 mL Savillex beaker 
filled with 0.5N HNO3 for 4 days at room temperature. The supernatant was extracted and labelled “metal.” The residue 
was rinsed 4 times in MQ water. Olivine and magnesiowüstite were obtained from leaching the solids using concentrated 
HNO3 overnight at room temperature, and the supernatant labelled “olivine” for simplicity. All the “olivine” fractions 
were analysed for their Mg/Fe ratios using the Element XR at the Lawrence Livermore National Laboratory. For each 
sample, the expected Mg/Fe ratio was calculated knowing the relative amounts of olivine and magnesiowüstite present. 
Lower than expected Mg/Fe ratios are attributed to metal contamination, which are 6, 0, 19, 44, and 65 % for the 3.5, 
23, 48, 72, and 95 hr experiments. The amount of contamination tends to increase with longer experimental duration. 
We attribute this to progressive recrystallisation of the graphite capsule with time. In all experiments, graphite forms 
inwardly oriented crystals at the metal-capsule interface, most likely fluxed by molten iron that has low viscosity and 
contains 4.7 wt. % carbon at our experimental conditions. In long duration experiments, these graphite crystals form an 
interlocking network that encloses a small fraction of the metal, potentially preventing its complete digestion during the 

  a   b 
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0.5N HNO3 leach step (Fig. S-4). Corrections to Δ56Feolivine-metal to account for the presence of metal in the olivine fraction 
are <0.038 ‰. The data reported in the main text include all uncertainties arising from these corrections. 
 

 
Figure S-4 SEM images showing the edges of experimental run-products. (a) PaUCD7 (3.5hr) showing limited 
recrystallisation of graphite near the metal-capsule interface. (b) PaUCD11 (72hr) showing more extensive recrystallisation of 
graphite into the metal phase.  
 
2.4. Effect of leaching on iron isotope compositions 
Acid leaching of olivine may fractionate isotopes such that the supernatant may not have the same isotope composition 
as the residue. To confirm that leaching did not affect our results, time series tests were performed on 3 separate sets of 
powdered San Carlos olivine, each weighing ~7 mg. These test samples were leached in 0.5N HNO3 for 1, 2, and 3 days 
at room temperature. After the requisite number of days was reached, each supernatant was pipetted into clean Savillex 
beakers and labelled “0.5N HNO3.” Then, the residues were rinsed 4 times with MQ-water, as done for the piston 
cylinder experimental charges. Concentrated HNO3 was then added to each residue and left for 1 day at room 
temperature. These supernatants were transferred to clean Savillex beakers and labelled “conc HNO3.” The residues 
were again rinsed 4 times with MQ-water, then digested in HF-HNO3 at 120 °C overnight. These were labelled 
“residue.” About 7 mg of the fresh San Carlos olivine powder was digested directly in HF-HNO3. All of these samples 
were processed through column chemistry in the same way as the piston cylinder experimental charges. For these 
leaching tests, fresh San Carlos olivine was used as the bracketing standard. Shown in Figure S-5 is evidence that except 
for the 1-day “0.5N HNO3” sample, all samples show no isotopic fractionation from the fresh sample. This shows that 
while the light isotopes are preferentially leached in 0.5N HNO3, the longer durations (>2 days) are not affected. As the 
piston cylinder samples were leached for 4 days in 0.5N HNO3, the test confirms that our leaching procedure does not 
fractionate iron isotopes. A similar result was obtained by Poitrasson et al. (2009).  
 
2.5 MC-ICPMS Analyses of Experimental Samples 
Isotopic measurements for the leaching tests and for the experimental run-products were made using the Neptune Plus 
MC-ICPMS at the Lawrence Livermore National Laboratory using set-up and routine described in Craddock and 
Dauphas (2011). Cr-correction procedure were performed as described in Section 1; the corrections were also negligible. 
For geostandards and metal samples, IRMM-524a was used as the bracketing standard. For the experimental “olivine” 
samples, the corresponding metal fractions were used as the bracketing standard to minimise uncertainty (i.e. to avoid 
having to calculate a quadratic sum for error). Geostandards were processes along with samples and our data are in 
excellent agreement with literature values (Table S-5). 
 

  a   b 
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Figure S-5 Effect of leaching on the iron isotope compositions of olivine. The number of days refers to the duration of leaching 
in 0.5N HNO3. After this first step of leaching, all remaining residue was leached again in concentrated HNO3 for a day. After this 
second step of leaching, the residue was digested in HF+HNO3.  
 
2.6 Piston Cylinder Experimental Results 
In all experiments, the metals in the post-run products have an identical isotopic composition, which is different to the 
aliquot of digested starting material. Iron loss to the capsule is ruled out because iron isotope compositions of the run-
product metal are identical regardless of run duration. Instead, the difference between starting material and post-run 
products can be reconciled by isotopic inhomogeneity in the starting material at the mg-scale. Less than a few mg of 
metal starting materials were digested for isotopic analyses, whereas each experiment contained >30 mg of metal.  
 
Electron probe analyses show that chemical equilibrium was achieved in 3.5 hr, but isotopic equilibrium is attained only 
after >23 hr. The longest three durations show that the “olivine” fractions lie on the secondary fractionation line (Fig. 
S-6) and they display a constant Δ56Feolivine-metal (Fig. S-7). Even with metal contamination, that would drive Δ56Feolivine-

metal toward zero, the “olivine” fractions are consistently heavy. This shows that even with the difficulty of obtaining 
pure phases for analysis, we were able to constrain the direction of olivine-metal fractionation. As the three experiments 
with the longest durations show identical fractionations, the weighted average Δ56Feolivine-metal values are calculated to be 
0.030 ± 0.022 ‰, and 0.054 ± 0.030 ‰ uncorrected and corrected for metal contamination, respectively. We observe 
that Ni has no measurable effect on the Fe isotope fractionation and that, at equilibrium, olivine is isotopically heavy 
compared to metal.  
 
The direction of Fe isotope fractionation found in our experiments may be compared to those reported by Elardo and 
Shahar (2017), in which they measured Fe isotope fractionation between silicate melt and metal equilibrated at 1850 ºC. 
It is noteworthy that in Elardo and Shahar’s experiments, the silicate is a molten peridotite-like melt and the temperature 
was 450 ºC higher than in our study. Similar to our study, they conducted experiments at 1 GPa and used graphite 
capsules so that their metal is also saturated in carbon. Four of their experiments are Ni-free and yield a weighted average 
Δ56Fesilicate-metal of 0.038 ± 0.024 ‰.  
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Figure S-6 Three-isotope plots showing the approach to equilibrium. MFL denotes the terrestrial mass fractionation line. 
MFL’ denotes the secondary mass fractionation, defined by the addition of 54Fe-enriched spike, which was added to the metal. 
Values plotted are raw data, uncorrected for metal contamination. (b) Depicts the area within the black outlined box in (a). 
 
The results of Ni-free experiments performed by Elardo and Shahar (2017) are therefore in good agreement with our 
study; recording that, at equilibrium, silicate is isotopically heavier than metal. However, this agreement does not persist 
to higher Ni contents, where Elardo and Shahar (2017) found a negative relationship between Ni/(Ni + Fe) in the metal 
and Δ56Fesilicate-metal. In other words, the addition of Ni to the metal caused the silicate-metal fractionation to change sign, 
but this is not observed in our experiments.  
 
Regressing through the data of Elardo and Shahar (2017), we calculated an iron sublattice force constant difference (ΔF) 
of 267 N/m between Ni12Fe88 (pallasitic metals) and silicate (Δ56Fe = 2853x ΔF/T2, where T is in Kelvin; Dauphas et 
al., 2014). All measured materials in the Solar System, synthetic or otherwise, have force constants between 97 and 351 
N/m at pressures of less than 1 GPa (see compilations in Dauphas et al., 2012, 2014; Roskosz et al., 2015; Shahar et al., 
2016; Liu et al., 2017, Smith et al., 2021; Nie et al., 2021). Therefore, the largest possible ΔF between any two materials 
is 254 N/m. The ΔF between Ni12Fe88 and olivine we found in this study is 42 N/m, which is well within the expected 
range. The ΔF of 267 N/m implied by the results of Elardo and Shahar (2017), however, is unexpectedly large and thus 
challenging to explain.  
 
Lastly, Bourdon et al. (2018) used a simplified approach to estimate olivine-metal fractionation factors based on charge, 
coordination number, and Debye temperature. They also found that, at equilibrium, olivine is isotopically heavier than 
metal. However, they do not give details of their model parameters, and do not specify whether the metal they consider 
has a bcc or fcc structure. As a result, although in qualitative agreement, a rigorous comparison of our results with those 
of Bourdon et al. (2018) is not possible. 
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Figure S-7 Time series experiments showing data corrected (filled green circles) and uncorrected (empty grey circles) for 
metal contamination. Individual error bars display the upper and lower limits allowed given uncertainties in the metal contamination 
corrections. Green bands show the weighted averages calculated using the corrected data for the longest 3 experiments: Δ56Feolivine-
metal = 0.054 (+0.027, -0.024) ‰ and Δ57Feolivine-metal = 0.099 (+0.036, -0.033) ‰. The addition of 12 wt. % nickel in the metal has no 
resolvable effect on the isotope fractionation.  
 
2.7 Bonding Environment of Iron in Molten Metal in Piston Cylinder Experiments 
As the olivine-metal assemblages were enclosed in graphite capsules, the metal was saturated in carbon and is thus 
molten with 4.7 wt. % C. Studies have shown that the presence of carbon has no bearing on the structure of the molten 
metal up to 5 wt. % C (Belashchenko et al., 2011). This is corroborated by the fact that the nearest Fe-Fe interatomic 
distances are 2.58 Å in molten Fe (ambient pressure; 1560–1650 ºC; Waseda and Ohtani, 1974) and 2.56 Å in molten 
Fe-C (2.2 GPa; 1327 ºC; 3.5 wt. % C; Shibazaki et al., 2015). These distances are close to that of the fcc-metal (2.55 Å) 
but distinguishable from that of the bcc-metal (2.05 Å). In addition, the coordination number (CN) of the molten iron at 
ambient pressure is ~11 (Waseda and Ohtani, 1974), close to that of fcc-metal (CN = 12), but far from that of bcc-metal 
(CN = 8). The similarity in interatomic distances and CN suggests a similar bond strength between fcc-Fe and molten 
Fe at low pressure.  
 
2.8 Mechanism for Experimental Olivine-Metal Equilibrium and Olivine Rounding 
Isotopic equilibration presumably is achieved in our experiments via solid-state diffusion in olivine and recrystallisation 
of olivine in molten metal. Recrystallisation was responsible for isotopic exchange in the studies of Matsuhisa et al. 
(1978), Shahar et al. (2008), and Trail et al. (2019). In those experiments, isotopic exchange occurs at a temperature 
low enough to inhibit volume diffusion. In this case, evolution toward equilibrium is observed as a mixing line. 
However, in the case of volume diffusion, the evolution follows a trajectory that is different from the mixing line. To 
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model this type of isotopic exchange, we modelled the evolution of δ56Fe in olivine as a function of time, for a 10 µm 
spherical radius olivine with an initial composition of 0‰ subject to an infinite reservoir of −1.15 ‰ in δ56Fe and -0.80 
‰ in δ57Fe. The isotope effect for diffusion b = 0.16 was used (Sio et al., 2018), where D1/D2 = (m2/m1)b (D = diffusivity; 
m = mass). When diffusion has affected the core of the olivine, we predict that the bulk olivine composition will be 
isotopically light compared to the metal, and thus δ56Fe overshoots the secondary mass fractionation line (MFL’; Fig. 
S-8). This was not observed for our experiments, suggesting that recrystallisation, i.e., migrating olivine-metal 
boundaries, has played a dominant role for reaching isotopic equilibration. Moreover, our modelling shows that diffusive 
effects would produce isotopically light olivine - the opposite of what is observed. Note that the equilibrium iron isotope 
fractionation reported does not rely on extrapolation on the 3-isotope diagram, because our time-series demonstrates 
that isotopic equilibrium was achieved in the three longest experiments.  

 

  
Figure S-8 (a) Modelled time evolution for the iron isotopic profile in olivine if re-equilibration is achieved via diffusion only 
(i.e., no moving boundary). (b) Yellow curve shows evolution of bulk olivine δ56Fe and δ57Fe, calculated by integrating modelled 
intra-crystalline profiles in 0.05 micron increments; snapshots for the first 5 hr are marked at the 1-hr increment. If equilibration is 
achieved via volume diffusion only, then bulk olivine compositions are expected to overshoot the MFL’ before arriving at the 
equilibrium compositions. As this is not observed, our experimental data suggests that equilibration predominately occurred via 
olivine recrystallisation.  
 
Recrystallisation of olivine in a metallic matrix has been studied experimentally (Saiki et al., 2003; Guignard et al., 
2012; Solferino et al., 2015). Direct comparison with the experiments of Saiki et al. (2003) and Guignard et al. (2012) 
is difficult because their experiments were conducted below the metal solidus temperature. For our experiments 

  a 

  b 
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involving solid olivine and molten metal, recrystallisation can occur by grain boundary migration and coalescence, the 
latter of which may be described by the sintering of two grains “dragged” by movement of the matrix phase (Guignard 
et al., 2012). Solferino et al. (2015) found that rounding occurs quickly when olivine grains are submerged in a molten 
Fe-S matrix. Our study agrees with the results of Solferino et al. (2015), who showed that olivine fully recrystallised 
and chemically equilibrated with molten metal in ~3 hours. However, here we show that under our experimental 
conditions, isotopic equilibration takes >23 hours to achieve. It is therefore possible, that volume diffusion still plays a 
role in the approach to isotopic equilibrium.  
 
Pallasites contain both rounded and angular olivine grains. Both our experiments, and those of Solferino et al. (2015) 
show that rounding is quickly achieved at the micron-scale and the olivine texture remains essentially unchanged in the 
longer duration experiments. It is therefore difficult to speculate on the timescales required to round a mm- or cm-sized 
olivine when submerged in molten metal. Saiki et al. (2003) calculated that it would take 7–241 Myr to round a 5 mm 
radius olivine in a solid Fe-Ni alloy at 1400–1200 °C. However, this timescale is expected to decrease significantly with 
the addition of S (Saiki et al., 2003; Solferino et al., 2015). To constrain the timescale required to produce large, rounded, 
olivine grains, the kinetics will have to be studied using larger olivine grains in Fe-Ni-S metal at temperatures both 
above and below the solidus of the metal. This approach may, in the future, yield valuable constraints on the thermal 
history of pallasite formation.  
 
3. Olivine, Awaruite, and Tetrataenite Force Constant Calculations 
The density functional theory (DFT) models generated for the present study are similar to the ones constructed by 
Blanchard et al. (2009), using the PBE functional (Perdew et al., 1996), projector augmented wave datasets from the 
PSLibrary (Dal Corso, 2014 ; v. 0.3.1 for O and Fe; https://dalcorso.github.io/pslibrary/), ultrasoft pseudopotentials 
from the GBRV library (Garrity et al., 2014; v1.5 for Mg, Si, and Ni; https://www.physics.rutgers.edu/gbrv/), and plane 
wave basis sets. We did not use a Hubbard U correction. The kinetic energy cut-offs for the plane wave basis sets are 
fixed at 90 Rydberg (1225 eV) for wavefunctions and 1080 Rydberg (14694 eV) for the charge density and potential 
(Garrity et al., 2014). Electronic wave vectors of single olivine unit cells are sampled on a 4´2´4 offset Monkhorst-
Pack grid, wave vectors for 2´1´1 olivine supercells are sampled on an offset 2´2´4 grid. Awaruite and tetrataenite 
unit cells are sampled on offset 18´18´18 and 26´26´18 electronic wave vector grids, respectively, with 0.01 Ryd (0.14 
eV) Gaussian smearing. Version 6.5 of the Quantum Espresso software package (Giannozzi et al., 2009) is used for all 
model calculations.  
 
For iron carbonate and oxide crystals, Blanchard et al. (2009) estimate vibrational frequency scale factors of 1.061-
1.083, consistent with scale factors of ~1.06 found for Sr- and Ca-bearing crystals (Widanagamage et al., 2014), and 
slightly larger than found for pure forsterite (Schauble, 2011) (~1.03-1.04). A test calculation of Raman-active 
vibrational frequencies in siderite (FeCO3) indicates that the DFT models in our study are in reasonable agreement with 
the Blanchard et al. (2009) calculations (a linear regression gives R2 > 0.998 and a slope of 0.995), and scale factors 
should be similar. We therefore adopt a frequency scale factor of 1.06 ± 0.03 for the present calculation of Fe-isotope 
fractionation in olivine. This corresponds to a force constant scale factor of (1.06 ± 0.03)2 = 1.124 ± 0.06 for olivine. A 
frequency scale factor of 0.950 ± 0.02 is used for awaruite and tetrataenite, based on a best-fit proportional regression 
to phonon frequencies in bcc-Fe measured at several high-symmetry wave vectors by inelastic neutron scattering method 
(Brockhouse et al., 1967). This corresponds to a force constant scale factor of 0.903 ± 0.04 for awaruite and tetrataenite, 
which may represent an underestimation of error because the scale factor was determined for bcc-Fe, instead of the 
specific metal phases.  
 
Modelled olivine structures contain one Fe(II) atom in either an M1 site or an M2 site in each unit cell. All Fe-substituted 
structures are allowed to relax to find the nearest (local) minimum-energy configuration, using a pure forsterite model 
as the initial guess structure. These models correspond to an Fa12.5 stoichiometry, with a 1:7 Fe:Mg atomic ratio. The 
effect of varying Fe:Mg ratios on isotopic partitioning is not addressed by these models. Ferromagnetic structures are 
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assumed in all olivine models – magnetic coupling between iron sites will likely be weak in such Fe-poor structures, 
and the effect of magnetic structure is expected to be small relative to other sources of uncertainty. Force constants are 
estimated by numerical displacement for single unit cell domains (28 atoms) and 2´1´1 supercells (56 atoms) that are 
doubled along the shortest unit cell dimension, which corresponds to the a-axis in the standard Pbnm setting of space 
group #62 used for olivine. Force constants for awaruite and tetrataenite are estimated from the effects of 56Fe/54Fe 
substitution on the phonon density of states for each structure (Elcombe and Hulston, 1975), calculated with linear 
response theory on offset 3´3´3 (awaruite) and 3´3´2 (tetrataenite) phonon wave vector grids.  
 
Estimated average force constants in 2´1´1 supercells are 151 N/m and 131 N/m for M1 and M2 substituted olivines, 
before scaling, and 170 ± 10 N/m and 148 ± 9 N/m, respectively, after scaling. The uncertainties given here only 
consider variations in the force constant scale factor. Cruder estimates based on simple unit cells are 149 N/m and 130 
N/m for M1 and M2, respectively, before scaling, averaging 1 % lower than the supercell models. This similarity 
suggests that the 2´1´1 supercell domain is large enough to estimate the force constant for displacement of a single 
isolated atom with reasonable accuracy.  
 
The site partitioning behaviour of Fe(II) in olivine has been extensively investigated in previous studies. For the present 
study, we are assuming the partitioning behaviour is similar to that measured in the closest compositional analogue to 
our model structures, the Fa12 olivine sample measured by Heinemann et al. (2007). In this sample the KD varies only 
slightly (1.13 ± 0.04) over the 500–750 ºC temperature range. This corresponds to 52–54 % of Fe occupying the M1 
site, and 46–48 % occupying the M2 site, and a site-weighted, average force constant of 159 ± 10 N/m.  
 
4. Closure Temperature for Iron in Olivine 
Closure temperature can be defined as the temperature when diffusion of an element effectively ceases and the bulk 
isotopic composition of a mineral no longer changes with further cooling (Dodson, 1973). Closure temperature, 𝑇! , can 
be calculated using Eq. 23 in Dodson (1973):  
 

!
"#!

= 𝑙𝑛 $− $"#"#%$ &#⁄
!(# ()⁄ &         Eq. S-1 

 
with the parameters defined as in Table S-1 for pallasitic olivine. 
 
Table S-1 Parameters for calculating pallasite olivine closure temperature. 

Parameter Description Value(s) 
𝐸 Activation energy for diffusion 220,000 J 
𝑅 Gas constant 8.3145 J K-1 mol-1 
𝐴 Geometry factor 55 for a sphere 
𝐷! Pre-exponential factor in Arrhenius equation 10-8.85 m2/s 
𝑎 Radius  2 mm 

𝑑𝑇 𝑑𝑡⁄  Cooling rate 7 K/Myr 
 
Mg-Fe interdiffusion in olivine has a fast diffusion direction, along [001], that is six times larger than the slow diffusion 
directions, along [100] and [010] (Dohmen and Chakraborty, 2007). To obtain the lowest closure temperature, the fast 
diffusivity (i.e., 𝐷" along [001]) is used. 𝐷" also depends on Fa# (= 100 × atomic Fe/(Fe+Mg) in olivine); the typical 
MGP composition of Fa12 is used in this calculation (Buseck, 1977). For an average MGP cooling rate of 7 °C/Myr 
(determined for cooling below 650 °C; Yang et al., 2010), the closure temperature is 656 °C. This closure temperature 
is shown as the red dashed line on the Fe-Ni phase diagram in Figure S-9. For the Ni contents of MGP metals (8.2 – 
13.6 wt. % Ni; Wasson and Choi, 2003), olivine reaches its closure temperature before significant kamacite formation 
occurs. Olivine-metal equilibrium, if it occurred, would therefore be between olivine and either fcc- or liquid-metal. 
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Note that the presence of phosphorus in pallasites depresses the kamacite-taenite solvus to lower temperatures than 
shown in Figure S-9, further separating the olivine closure temperature from kamacite nucleation temperatures (Yang 
et al., 2010).  

 
Figure S-9 Simplified Fe-rich portion of the Fe-Ni phase diagram showing the calculated olivine closure temperature (red 
line; see text for details). Olivine-metal equilibrium would occur above this temperature, which for the range of Ni contents 
recorded in pallasite meteorites (shaded blue region), is largely above the temperatures where kamacite (α-Fe) forms from taenite 
(g-FeNi).  
 
 
5. The Effect of Mass Exchange at Low Temperature on Iron Isotope Fractionations 
Olivine-metal isotopic fractionations could be overprinted after equilibration, by mass transfer between phases. At ~650 
ºC, iron diffuses 5 and 8 orders of magnitude faster in troilite than kamacite and olivine, respectively (Condit et al., 
1974; Dauphas et al., 2007; Dohmen and Chakraborty, 2007). As iron diffusion in troilite and kamacite are much more 
rapid than in olivine, iron isotopic exchange between the former phases may continue well after exchange with olivine 
effectively ceases. To constrain the extent of this effect on the approximation that δ56Fekamacite ≈ δ56Febulk metal, we 
measured troilite micro-drilled from Brenham, Thiel Mountains, and Springwater pallasites. The resulting δ56Fetroilite 
values are -0.223 ± 0.034 ‰, -0.456 ± 0.027 ‰, and -0.445 ± 0.050 ‰, respectively. Because the average metal-to-
troilite modal proportion is 17:1 (Buseck, 1977; suggesting kamacite-to-trolite modal ratio of ~15:1) and kamacite is 
more Fe-rich than troilite, the net effect on the isotopic composition of kamacite is <0.02 ‰. Such a correction cannot 
account for the disequilibrium Δ56Feolivine-metal signature measured in MGP.  
 
Second, small chemical variations have been reported at the rim of pallasitic olivine. Chernonozhkin et al. (2017) 
examined these variations in Brahin, Brenham, Esquel, Fukang, Imilac, and Seymchan pallasites in contact with metal, 
but could not resolve any Fa# profile except for Esquel. They measured olivine rim and core compositions of Fa11.05 and 
Fa11.23, respectively. This may represent net diffusion of iron from olivine to the surrounding metal. Chemical diffusion 
will generally fractionate isotopes but the extent of fractionation depends on the magnitude of the compositional contrast. 
A small compositional contrast will result in a correspondingly small isotope fractionation, because diffusive flux is 
small and isotopic signals are therefore diluted by a large background of unfractionated material. At such a small 
compositional contrast, the iron isotope fractionation driven by chemical diffusion is calculated to be less than 0.03 ‰ 
(Fig. S-10; calculated using Eq. A12 from Sio et al. (2018) with β = 0.16). Note that this is the maximum fractionation 
at a single point in the diffusion profile and, accounting for mass balance, would have a negligible effect on the bulk 
composition of the olivine crystal.  
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Figure S-10 (a) Our fit to the chemical profile in Esquel olivine reported by Chernonozhkin et al. (2017). x = 0 marks the 
kamacite-olivine interface. (b) Curve shows the associated isotope profile. 
 
6. Models of Planetesimal Cooling and Olivine-Metal Equilibration 
We coupled models of planetesimal cooling with calculations of Fe-isotope diffusion in olivine, to establish the range 
of conditions under which olivine and metal can remain unequilibrated. We employed a 1-D cooling model following 
the approach used in Bryson et al. (2015). For a spherically symmetric body (the planetesimal), losing heat by 
conduction, the temperature change with time (t) at radius (r) is given by: 
 

𝑇*) = 𝜅𝛿𝑡 + +
*,*

,𝑇*-,*).,) − 𝑇*.,*).,)- + +
,*#

,𝑇*-,*).,) − 2𝑇*).,) + 𝑇*.,*).,)-0 + 𝑇*).,)  Eq. S-2 

 
where T is temperature (K), and κ is the thermal diffusivity. The planetesimal body was modelled as comprising three 
layers: a metallic core, silicate mantle, and megaregolith. Parameter units and the physical properties used for each layer 
in the model are given in Table S-2.  
 
The core was modelled as an isothermal liquid, that decreased with temperature in each time step according to the 
amount of heat lost across the core-mantle boundary (CMB): 
 

∆𝑇 = 	
/0%
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,)

2!3)!*!
          Eq. S-3 
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where DT is the temperature change of the core in each time step, km is the thermal conductivity of the mantle, ρc is the 
density of the core, and 𝐶#! is the specific heat capacity of the core. After the onset of core crystallisation (1200 K), the 
core temperature is fixed until the heat extracted across the core mantle boundary exceeds the total latent heat of core 
crystallisation $𝑄$"&. The heat extracted across the core-mantle boundary in each time step (∆𝑄%&') is calculated from:  
 

∆𝑄456 = 4𝜋𝑟37𝑘8
,#
,*
8
*!
𝛿𝑡        Eq. S-4 

 
and the total latent heat of core crystallisation *𝑄"!, is given by: 
 

𝑄𝐿𝐶 =
4
3𝜋𝑟𝐶

3𝜌𝐶𝐿𝐶         Eq. S-5 
 
where LC is the specific latent heat of core crystallisation (see Table S-2). Once core crystallisation is complete, the 
simulation is terminated. This was due to the palaeomagnetic constraint that olivine-hosted magnetic inclusions and 
cloudy zones in the pallasite metal formed in the presence of a geodynamo (Tarduno et al., 2012; Bryson et al., 2015). 
Because the cloudy zones formed at < 600 K (Yang et al.,1996), which is below the closure temperature for olivine, the 
period following core crystallisation was not considered as relevant for isotopic equilibration.  
 
Temperature-time histories for different mantle depths were extracted from this model and used as conditions for Fe 
exchange between olivine and metal. Our diffusive equilibrium models assume a spherical olivine grain surround by an 
infinite, well-mixed, reservoir of iron metal. The olivine was given a diameter of 4 mm, the mean olivine grain size 
observed in pallasite meteorites (Wasson and Choi, 2003). Based on our analyses of natural samples (Fig. S-2), the 
initial δ56Fe of the olivine was assumed to -0.05 ‰, subject to a fixed boundary condition of δ56Fe = +0.05 ‰ (i.e., the 
equilibrium value). Because the typical uncertainty for δ56Fe analyses is ±0.05 ‰, we stop the chemical diffusion model 
when the core of the olivine displays a composition of 0 ‰, at which point the olivine is considered equilibrated. This 
approach extends the calculated equilibrium curve to the maximum plausible depths and reflects a conservative approach 
to ruling-out a core-mantle boundary origin for MGP. 
 
The diffusivity of Fe in olivine is taken from Dohmen and Chakraborty (2007) and is temperature dependent. Although 
this diffusivity was determined for Mg-Fe interdiffusion in olivine, it was chosen here because there is no available data 
for Fe self-diffusion in olivine at low oxygen fugacity. Iron diffusion in olivine was modelled using the following 
relationship:  
 

=3
=)
= +

*#
=
=*
$𝑟7𝐷 =3

=*
&          Eq. S-6 

 

where 𝐶  is Fa#, 𝑡 is time, 𝑟 is radius and 𝐷 is the temperature-dependent diffusion coefficient. Isotope profiles are 
calculated assuming β = 0.16 (Sio et al., 2018). 
 
The timing and depth of olivine-metal mixing on the MGP parent body is unknown. We therefore performed chemical 
diffusion models for samples formed at depths between the base of the regolith and the core mantle boundary, in 2 km 
increments, and for olivine-metal mixing events that occurred at different times in the history of the planetesimal, from 
1 Myr to the end of core crystallisation. Each diffusion model therefore utilised the thermal history for an olivine-metal 
assemblage that was formed at a unique time and depth in the parent body. The initial temperature of the core and mantle 
was 1600 K and the megaregolith was at 250 K. These parent-body parameters were chosen as they are compatible with 
the results of palaeomagnetic studies on MGP (Tarduno et al., 2012; Bryson et al., 2015). Figure 3a displays the results 
of one of these models, for a 200 km radius pallasite parent body, with the core-mantle boundary located at 100 km 
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depth, and the surface covered by an 8 km thick megaregolith. The black dashed equilibrium curve in Figure 3a marks 
the depth below which olivine-metal equilibration occurs. Note that dissolution-reprecipitation processes such as 
Ostwald ripening are not considered in our model but might accelerate the approach to isotopic equilibrium. 
Incorporating such effects would therefore move the black dashed curve shown in Figure 3 to shallower depths, further 
restricting the range of permissible conditions. Our displayed equilibrium curve should thus be considered a maximum 
depth for olivine-metal mixing.  
 
Our results indicate that olivine-metal emplacement close to the core-mantle boundary will result in Fe isotope 
equilibration. This result persists for a wide range of plausible planetesimal radii, regolith thicknesses, and core/mantle 
mass ratios, thus precluding a core-mantle boundary origin for the MGP. Instead, our models imply olivine-metal mixing 
occurred in the shallow- to mid-mantle, in excellent agreement with the results of palaeomagnetic studies (Tarduno et 
al., 2012; Bryson et al., 2015). For comparison, we have indicated on Figure 3a the range of emplacement depths and 
period of cloudy zone formation determined for the Esquel and Imilac MGP, following the approach of Bryson et al. 
(2015). These depths lie well above the equilibration line determined for the same thermal model and are thus consistent 
with the observed Fe isotope disequilibrium in MGP.  
 
Table S-2 Parameter values used for planetesimal thermal model. 

Parameter Description Value Unit 
𝐶+! Heat capacity of the core 850 J / kg / K 
𝜅, Thermal diffusivity of the megaregolith 5E-8 m2 / s 
𝜅- Thermal diffusivity of the mantle 5E-7 m2 / s 
𝐿. Specific latent heat of the core 270,000 J / kg 
𝜌. Density of the core 7,800 kg / m3 
𝛿𝑟 Radius grid spacing 1000 m 
𝛿𝑡 Time step 3.15E10 s 
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Table S-3. Summary of iron isotope analyses measured using Nu Plasma II and comparison to literature data. 
Source Sample # Extraction d56Fe 2SE d57Fe 2SE #a

Imilac 
Metal Smithsonian USNM 383b Microdrilled -0.003 0.024 0.017 0.032 2

0.147 0.036

Olivine Smithsonian USNM 383b Microdrilled -0.017 0.025 -0.020 0.025 2
-0.019 0.035

Brenham
Metal Smithsonian USNM 154b Microdrilled 0.036 0.033 0.028 0.055 2

0.067 0.003

Olivine Smithsonian USNM 154b Microdrilled -0.001 0.039 -0.001 0.039 1
-0.007 0.010

Sulfide Smithsonian Microdrilled -0.223 0.034 -0.391 0.125 1
Thiel Mtns. 
Metal Smithsonian USNM Z180i Microdrilled 0.054 0.027 0.055 0.032 2
Olivine Smithsonian USNM Z180i Microdrilled 0.011 0.085 0.011 0.085 1
Sulfide Smithsonian USNM Z180i Microdrilled -0.456 0.027 -0.629 0.090 2
Mt. Vernon
Metal Smithsonian USNM 300d Microdrilled 0.064 0.036 0.124 0.080 1
Olivine Smithsonian USNM 300d Microdrilled 0.055 0.031 0.055 0.031 1

0.043 0.013

Brahin 
Metal Smithsonian USNM 7018b Microdrilled 0.072 0.041 0.112 0.112 1

ROM M50209 Hand-picked 0.259 0.049 0.455 0.128 1
Olivine (USNM 868a)Smithsonian USNM 7018b Microdrilled 0.051 0.060 0.051 0.060 1

ROM M50209 Hand-picked 0.001 0.034 0.037 0.082 2
Weighted average 0.014 0.030 0.046 0.048

0.022 0.036

Springwater
Metal Smithsonian USNM 868a Microdrilled 0.065 0.023 0.092 0.030 2

ROM M56010 Hand-picked -0.102 0.065 -0.100 0.098 1
0.162 0.056

Olivine Smithsonian USNM 868a Microdrilled 0.049 0.057 0.049 0.057 1
ROM M56010 Hand-picked 0.011 0.047 0.032 0.083 2
Weighted average 0.026 0.036 0.044 0.047

0.021 0.085

Sulfide Smithsonian USNM 868a Microdrilled -0.445 0.050 -0.699 0.093 1
Giroux
Metal Smithsonian USNM 1574b Microdrilled 0.068 0.057 0.068 0.057 1

ROM Hand-picked 0.160 0.112 0.482 0.219 1
Olivine Smithsonian USNM 1574b Microdrilled -0.113 0.102 -0.024 0.131 1

ROM (brown) Hand-picked -0.044 0.013 -0.045 0.048
Weighted average -0.045 0.012 -0.043 0.045

Weyer et al. 2005

Weyer et al. 2005

Weyer et al. 2005

Weyer et al. 2005

Poitrasson et al. 2005

Poitrasson et al. 2005

Weyer et al. 2005

Weyer et al. 2005
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Table S-3 cont. Summary of iron isotope analyses measured using Nu Plasma II and comparison to literature data. 
Source Sample # Extraction d56Fe 2SE d57Fe 2SE #a

Krasnojarsk 
Metal Smithsonian USNM 1057 Microdrilled 0.075 0.088 0.011 0.167 1
Olivine Smithsonian USNM 1057 Microdrilled 0.028 0.049 0.282 0.184 1
Fukang
Metal Purchased Microdrilled 0.052 0.065 0.035 0.050 2

ROM M56846 Hand-picked 0.068 0.035 0.052 0.096 1
0.247 0.018 0.332 0.032

Olivine Purchased Microdrilled -0.004 0.110 -0.064 0.202 1
Purchased Hand-picked -0.012 0.050 0.010 0.038 1
ROM (brown) M56846 Hand-picked -0.004 0.099 -0.168 0.314 1
Weighted average -0.009 0.041 0.005 0.037

-0.075 0.015 -0.129 0.026

Esquel
Metal ROM M47667 Microdrilled 0.072 0.043 0.086 0.062 2

ROM M47667 Hand-picked 0.185 0.272 0.455 0.624 1
0.237 0.055

0.095 0.026

Olivine ROM M47667 Microdrilled -0.105 0.048 -0.117 0.155 2
ROM M47667 Hand-picked -0.006 0.049 0.005 0.161 1
Weighted average -0.057 0.034 -0.058 0.112

-0.084 0.051
-0.095 0.034 -0.127 0.023

Seymchan 
Metal Purchased Microdrilled 0.058 0.040 0.165 0.093 2

0.023 0.013 -0.008 0.040

Olivine Purchased Microdrilled -0.026 0.062 0.047 0.096 2
-0.155 0.080 -0.192 0.028

#a indicates the number of analyses, each consisting of 5-9 replicates (i.e., n = 5-9) of 20 cycles with 4s integration time.
ROM (brown) notes that the olivine appeared brown in color compared to the Smithsonian samples. 
All handpicked olivine data are used to give weighted average for olivine d56Fe compositions. 
None of the handpicked metal values are used in calculating olivine-metal Fe isotope fractionations. 
Literature data are for comparison purposes only. 

Chernonozhkin et al. 2016

Chernonozhkin et al. 2016

Chernonozhkin et al. 2016

Poitrasson et al. 2005
Chernonozhkin et al. 2016

Poitrasson et al. 2005
Chernonozhkin et al. 2016

Chernonozhkin et al. 2016
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Table S-4. Measured olivine-metal isotope fractionations in main-group pallasites.
oC/Myr 2SE Δ56Feol-met 2SE Δ57Feol-met 2SE

Esquel 3.0 0.7 -0.129 0.055 -0.081 0.128
Krasnojarsk 3.8 0.4 -0.046 0.101 0.271 0.248
Imilac 3.9 0.3 -0.014 0.035 -0.036 0.040
Springwater 5.0 0.3 -0.038 0.043 -0.048 0.056
Brahin 5.2 1.1 -0.058 0.050 -0.066 0.122
Fukang 5.3 1.4 -0.062 0.077 -0.030 0.062
Mt. Vernon 5.6 0.7 -0.009 0.047 -0.069 0.086
Brenham 6.1 0.5 -0.037 0.051 -0.029 0.068
Seymchan 6.2 0.8 -0.084 0.074 -0.118 0.133
Giroux 6.6 1.3 -0.113 0.058 -0.092 0.143
Thiel Mountains - - -0.043 0.090 -0.044 0.091
Weighted average -0.049 0.016 -0.043 0.023

Note: Cooling rates and error calculated based on cloudy zone particle sizes and Figure 8a of Yang et al . (2010). 

Table S-5. Geostandard values processed with pallasite and experimental samples. 
d56Fe 2SE d57Fe 2SE n Instrument

AGV 0.125 0.031 0.210 0.099 9 Nu Plasma II
Expected 0.105 0.011 0.146 0.016

BCR 0.086 0.045 0.139 0.112 9 Nu Plasma II
Expected 0.091 0.011 0.126 0.017

BHVO 0.113 0.049 0.208 0.082 9 Nu Plasma II
Expected 0.114 0.011 0.174 0.016

BIR 0.061 0.044 0.120 0.100 9 Nu Plasma II
Expected 0.053 0.015 0.087 0.023

PCC 0.025 0.020 0.067 0.035 6 Neptune Plus
Expected 0.025 0.012 0.053 0.018

W2 0.063 0.038 0.053 0.097 9 Nu Plasma II
Expected 0.056 0.013 0.076 0.020

Expected  values are from Craddock and Dauphas (2011).
n indicates blocks each consisting of 20 cycles with 4s integration time.
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Table S-7. Olivine-metal isotope fractionation in time series experiment, corrected for metal contamination in "olivine" fractions. 
Duration (hr) Metal

- 0.119 - 0.187
+ 0.132 + 0.209

- 0.043 - 0.083
+ 0.047 + 0.089

- 0.030 - 0.057
+ 0.034 + 0.064

- 0.093 - 0.091
+ 0.107 + 0.105

- 0.043 - 0.046
+ 0.050 + 0.047

All measured using Neptune Plus. Metal was used as the bracketing standard for the corresponding "olivine" fractions.
*The metal composition for PaUCD9 was not measured, but expected to be the same as PaUCD10. 
Corrected D-values made based on EMPA data and ICPMS Fe/Mg ratios measured on the dissolved olivine+magnesiowustite fractions. 
Uncertainties of the corrected D-values include uncertainty in level of metal contamination and refer to the lowest and highest values possible. 
Corrected D-values are plotted in all figures. 

*Fe82C18

Fe82C18

Fe73Ni10C17

0.078

0.091

0.114

0.023

0.033

0.0240.024

0.021

0.048 ±

±

±

0.045

Corrected D57Feol-met

PaUCD8 23

PaUCD7 0.360

0.1320.043 0.0830.1320.115 ±

Fe82C18

Fe81C19

3.5
Uncorrected D56Feol-met

0.097

PaUCD11

PaUCD10 95

48PaUCD9

72

0.032

0.020

0.115

0.059

0.059

0.042

0.063

0.032

0.063

±

±

±

±

0.350 ±
Uncorrected D57Feol-met
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